The evolution of the subglacial landscape of Antarctica. by Jamieson, S.S.R. et al.
Durham Research Online
Deposited in DRO:
19 September 2013
Version of attached file:
Accepted Version
Peer-review status of attached file:
Peer-reviewed
Citation for published item:
Jamieson, S.S.R. and Sugden, D.E. and Hulton, N.R.J. (2010) ’The evolution of the subglacial landscape of
Antarctica.’, Earth and planetary science letters., 293 (1-2). pp. 1-27.
Further information on publisher’s website:
http://dx.doi.org/10.1016/j.epsl.2010.02.012
Publisher’s copyright statement:
NOTICE: this is the authors version of a work that was accepted for publication in Earth and planetary science letters.
Changes resulting from the publishing process, such as peer review, editing, corrections, structural formatting, and
other quality control mechanisms may not be reflected in this document. Changes may have been made to this work
since it was submitted for publication. A definitive version was subsequently published in Earth and planetary science
letters, 293, 1-2, 2010,10.1016/j.epsl.2010.02.012
Use policy
The full-text may be used and/or reproduced, and given to third parties in any format or medium, without prior permission or charge, for
personal research or study, educational, or not-for-profit purposes provided that:
• a full bibliographic reference is made to the original source
• a link is made to the metadata record in DRO
• the full-text is not changed in any way
The full-text must not be sold in any format or medium without the formal permission of the copyright holders.
Please consult the full DRO policy for further details.
Durham University Library, Stockton Road, Durham DH1 3LY, United Kingdom
Tel : +44 (0)191 334 3042 — Fax : +44 (0)191 334 2971
http://dro.dur.ac.uk
1 
The evolution of the sub-glacial landscape of Antarctica 
Stewart S.R. Jamieson 1,2*, David E. Sugden 1 and Nicholas R.J. Hulton 1. 
 
Earth and Planetary Science Letters, 293, 1-27. 
 
 
1 School of GeoSciences, University of Edinburgh, Drummond St., Edinburgh, EH8 9XP. 
Telephone: +44 (0)131 650 2572. Fax:  +44 (0)131 650 2524. 
 
2 Department of Geography, Durham University, Science Laboratories, South Road, 
Durham, DH1 3LE. Telephone: +44 (0)191 334 1800. Fax: +44 (0)191 334 1801. 
 
* Corresponding author: Stewart.Jamieson@dur.ac.uk 
 
Keywords: landscape evolution, erosion, ice sheet, topography, Antarctica, model 
 
Abstract 
The aim is to investigate the evolution of the sub-glacial landscape of Antarctica using an 
ice-sheet and erosion model. We identify different stages of continental glaciation and 
model the erosion processes associated with each stage. The model links erosion to the 
basal thermal regime and indicates that much of the Antarctic interior may have been 
subject to less than 200 m of erosion. The depth of erosion reflects the presence or 
absence of warm-based ice and the consistency of ice flow direction. This information, 
linked with knowledge about landscapes of glaciation in the northern hemisphere and 
some simple but robust assumptions about initial topography, is used to generate a map of 
the subglacial Antarctic landscape in which much of the lowland interior resembles the 
landscapes of areal scouring typical of the Laurentian and Scandinavian shields. Near the 
continental margins selective linear erosion has overdeepened pre-existing river valleys 
by as much as 2.8 km. High elevation plateaus adjacent to such drainage systems have 
2 
survived largely unmodified under cold-based ice. High erosion rates result from steep 
thermal gradients in basal ice. Mountain regions such as the Gamburtsev Mountains, 
uplands in Dronning Maud Land and massifs in West Antarctica are likely to bear 
features of local alpine glaciation. Such landscapes may have been protected under cold-
based ice for the last 34 Myrs or possibly longer. 
 
1 Introduction 
The aim is to investigate the pattern of glacial erosion in Antarctica with a focus on the 
past ca. 34 Myrs and to synthesise the history of landscape evolution through to the 
present day. This is important because topography determines where ice grows, flows, 
and erodes, as well as how glaciers respond to external forcing. Therefore better 
knowledge of the bed will improve predictions of ice sheet behaviour (Jamieson et al., 
2008; Kessler et al., 2008; Oerlemans, 1984). Furthermore, This study also sets the scene 
for future source-to-sink investigations of sediments to the continental margin. We 
suggest that changes in ice thickness and flow pattern are important in determining the 
distribution and intensity of past and present basal processes under the Antarctic Ice 
Sheet.  
The Antarctic landscape has been subject to erosion associated with local, regional and 
continental scale glacial conditions, but the nature of erosion is difficult to determine due 
to the inaccessibility of the bed. Glacial behaviour can be inferred from investigations of 
northern hemisphere glaciation and from geological evidence around the margins of 
Antarctica but the spatial and temporal scale of this evidence is limited (Marchant et al., 
1994; Rippin et al., 2004; Siegert et al., 2005; Taylor et al., 2004).  We hypothesise that 
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the long-term glacial landscape evolution over the entirety of Antarctica can be better 
understood by linking the evolution of the basal thermal regime under different stages of 
ice-sheet growth and decay with evidence from the beds of former northern hemisphere 
ice sheets.  By constraining numerical models of ice and landscape development with 
such evidence, we present a first simulation of the geomorphic evolution of the landscape 
beneath the Antarctic Ice Sheet. 
 
1.1 Antarctic Climate History 
Antarctica bears the marks of pre-glacial fluvial processes operating between 118 and 34 
Ma. Hydrological analysis of an isostatically compensated ice-free continent suggest the 
existence of dendritic river systems similar in scale to the Murray-Darling system in 
Australia (Jamieson et al., 2005). Rivers radiated from the Gamburtsev Mountains 
towards the Lambert basin region of East Antarctica, Wilkes Land and the Weddell Sea 
basin. Pre-glacial dendritic river patterns have been identified in the Transantarctic 
Mountains (Baroni et al., 2005; Sugden et al., 1999) and in the subglacial Gamburtsev 
Mountains (Bo et al., 2009). Fluvial denudation along the uplifted rim of the 
Transantarctic Mountains is of the order of 4-6 km since early rifting in the Cretaceous 
(Fitzgerald and Stump, 1997).  
Deep-sea δ18O signals are used as a proxy for changes in global glacial intensity. 
However, in reality they reflect a mix of global ice volume and high latitude sea surface 
temperature variations. Further uncertainty is inherent in the resolution of δ18O data. For 
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example, between 34 and 14 Ma the deep-sea record does not show Croll-Milankovitch 
cyclicity in glacial extent despite being recorded in the geological record (Naish et al., 
2001), and it is smoothed so that only shifts of greater than 1 Myrs are shown. Figure 1 
shows the δ18O record since 34 Ma alongside 6 scenarios of ice extent which are used 
here as the initial basis for an analysis of broad scale conditions at the base of the 
Antarctic Ice Sheet. Table 1 summarises the evidence and weight we assign to each 
scenario during our analysis. 
 
Although pre-Oligocene shifts in δ18O indicate that small to medium-scale ice sheets may 
have existed earlier (Miller et al., 2005), Antarctica (Fig. 2) was primed for significant 
ice sheet growth in the Early Oligocene by declining atmospheric CO2 concentrations 
(DeConto and Pollard, 2003; Huber and Nof, 2006; Pagani et al., 2005; Pearson and 
Palmer, 2000) and the proximity of moisture from the evolving Southern Ocean (Kennett, 
1977). Pre-Oligocene coastal Antarctica was characterised by significant relief generated 
by fluvial erosion and topographic unloading as uplifted passive continental margins 
evolved (Jamieson and Sugden, 2008). High topography enabled initial ice growth at ca. 
34 Ma following a sharp increase in global δ18O concentrations and a rapid ca. 4 °C drop 
in global temperature (Liu et al., 2009). The dominance of locally-transported 
Nothofagus pollen assemblages (especially Nothofagus lachlaniae) at the Eocene-
Oligocene boundary in CIROS-1 and CRP-3 cores in McMurdo Sound suggests climate 
at that time was similar to present-day conditions in southern Patagonia (McCulloch et 
al., 2000; Mildenhall, 1989; Raine and Askin, 2001). Modern analogues suggest these 
beech species grow in mean summer temperatures of 4-12 °C (Prebble et al., 2006).  In 
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Patagonia, Nothofagus species of low taxonomic diversity are only found close to sea 
level and give way to Nothofagus shrubs above ca. 610 m indicating marginal conditions 
for growth. Thus present Patagonian climate provides an envelope that can be used to 
infer climate in Oligocene Antarctica. Subsequently, with decreasing temperatures, 
vegetation survived as sparse scrub forest or as moss tundra in favoured locations (Raine 
and Askin, 2001). This change was recorded at 24.2-18 Ma as a transition from clay 
minerals like smectite, typical of forest soils, to illite indicating soil development in polar 
environments (Ehrmann et al., 2005).  
For ca. 20 Myrs following glacial inception, ice sheets may have fluctuated between near 
modern and almost fully deglaciated states (Miller et al., 2008). Phases of warm-based 
glaciation produced significant meltwater deposits offshore (Marchant et al., 1993; Naish 
et al., 2001) and fluctuated on a similar scale to the Pleistocene ice sheets of the northern 
hemisphere. The implication is that there were inter-digitated phases of mountain 
glaciation, upland and regional ice caps, and full ice sheets for a period ten times longer 
than that experienced in the northern hemisphere during the Pleistocene. Between ca. 
14.2-12.7 Ma (mid-Miocene) the climate was marked by a 6-7 °C stepped cooling in 
Pacific surface waters (Holbourn et al., 2005; Shevenell et al., 2004). This coincided with 
a switch from warm- to cold-based local glaciation, as recorded by changes in till facies 
in the McMurdo sector of the Transantarctic Mountains, reflecting a decline in 
atmospheric temperatures (Lewis et al., 2007). The ice sheet is thought to have reached 
the outer edge of the continental shelf, achieving its maximum size at ca. 14 Ma, before 
retreating back onto land to become similar in scale to the present ice mass by ca. 13.6 
Ma (Anderson, 1999; Sugden and Denton, 2004; Taylor et al., 2004). Since the mid-
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Miocene maximum, hyper-arid polar conditions have prevailed (Denton et al., 1993; 
Marchant et al., 1996) and the full polar ice sheet is likely to have fluctuated in size 
largely in response to sea level change (Denton and Hughes, 1986; Mackintosh et al., 
2007). 
The present-day ice sheet has ice thicknesses of up to 4400 m (Fig. 2) and experiences 
snowfall of up to 0.5 m yr-1 in coastal regions with progressively drier conditions inland 
(Vaughan et al., 1999). The mean annual air temperature at sea level is presently ca. -15 
°C.  
 
1.2 Landscapes of Glaciation 
Geomorphological studies show that spatial variations in basal sliding lead to distinctive 
glacial landscapes (Fig. 3 - Stumpf et al., 2000; Sugden and John, 1976). Where ice is 
warm based it slides and can erode. Spectacular troughs incised into elevated plateaus are 
formed under conditions of selective linear erosion whereby warm-based ice flow 
becomes focussed, often by pre-existing topography (Fig. 3c - Jamieson et al., 2008; 
Kessler et al., 2008). Adjacent uplands often remain protected from modification beneath 
cold-based ice because water production and thus sliding, does not occur (Fig 3a). 
Landscapes generated by such thermal contrasts are most common in uplifted passive 
margin settings with classic examples existing around margins of Baffin Island, 
Greenland and the Antarctic coastline. When ice-sheet flow is less constrained, but 
remains warm-based it creates the landscapes of areal scouring common to the shields of 
North America and Europe (Fig. 3b). The degree of streamlining depends on factors such 
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as ice velocity and constancy of flow direction. Geomorphology thus reflects the 
behaviour of former ice masses and has been widely used in reconstructing mid-latitude 
northern hemisphere palaeo-ice-sheet dynamics (Briner et al., 2006; Davis et al., 2006; 
Hall and Glasser, 2003; Kite and Hindmarsh, 2007; Kleman et al., 2007; Phillips et al., 
2006; Stroeven et al., 2002; Sugden, 1978). We would therefore expect that Antarctica’s 
landscape has recorded a similar set of features related to changing basal thermal and ice 
flow regimes. 
 
1.3 Approach 
Our approach is to investigate glacial landscape evolution patterns using a numerical ice-
sheet model. The model is driven by a climate based on present day accumulation and 
mean annual air temperature gradients in Antarctica with transition states moving from a 
Patagonian, to present day Antarctic climate. The initial topography is based upon 
BEDMAP (Lythe et al., 2001), is interpolated to 20 km resolution, and is flexurally 
rebounded for the removal of the present-day ice load, providing an ice-free landscape 
upon which to initiate glaciation. Specific objectives are: 
• To reconstruct simplified scenarios of Antarctic ice extent since the Oligocene, 
ranging from small-scale to continental-scale ice sheets. 
• To employ a model of glacial erosion coupled to an ice-sheet model to simulate 
the spatial distribution of landscape development under these scenarios. 
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• To link geomorphological understanding with model output to reconstruct how 
landscapes may have been modified by 34 Myrs of glaciation in Antarctica.  
 
1.4 Ice-Sheet Model 
We use the GLIMMER community ice-sheet model to simulate glacial behaviour (Rutt et 
al., 2009).. Calculations of ice dynamics use the shallow ice approximation (Hutter, 
1983) which assumes the slopes of the bedrock and of the ice surface are shallow and 
therefore that longitudinal stress components are negligible. The model calculates the 
thermodynamic field associated with ice flow on a three-dimensional grid and predicts 
ice rheology and the thermal regime of basal ice. Ice thickness (and therefore basal 
topography), heat advection and diffusion, surface air temperatures, and frictional and 
geothermal heating all contribute to modelled basal ice temperatures.  
The geometric evolution of the modelled ice mass is influenced by patterns of ice flow, 
accumulation, ablation and basal melting, the latter being critical for determining the 
onset and distribution of glacial erosion. The model does not incorporate ice shelves but 
calves a percentage of its mass at the coastal ice boundary until such a stage that the East 
and West Antarctic Ice Sheets merge, whereupon 100% of floating ice is removed. An 
Earth model accounts for elastic lithospheric behaviour under adjustments in load caused 
by changes in ice thickness and by the removal of bedrock (Lambeck and Nakiboglu, 
1980). 
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1.5 Erosion Model 
A pre-requisite to the occurrence of erosion at the bed of an ice mass is the presence of 
water which allows sliding to occur (Hallet, 1979, 1996; Oerlemans, 1984; Paterson, 
1994). Where pressure melting point is reached ice begins sliding and a positive feedback 
loop is set in motion whereby all heat from geothermal flux and frictional sliding causes 
further melting at the base. Modelled basal ice conditions can therefore be used to infer 
the distribution of selective erosion of troughs, areal scouring and, if the ice remains cold-
based, the protection of the landscape. 
As with earlier experiments (Jamieson et al., 2008; Jamieson and Sugden, 2008), we 
assume constant bedrock erodibility and calculate a bulk erosion rate as a function of 
basal ice velocity and ice thickness. However, erosion is modelled not only as a function 
of ice discharge (e.g. Anderson et al., 2006; Kessler et al., 2008; MacGregor et al., 2000; 
Tomkin, 2003; Tomkin and Braun, 2002), but is also directly controlled by basal thermal 
regime. Basal ice velocity is determined by the shear stresses generated at the base of the 
ice sheet, and is scaled by a parameter called basal traction (or basal slip coefficient: tb) 
which controls how easily sliding can occur. The influence of basal water upon sliding 
patterns is incorporated whereby tb is a parabolic function of melt-rate. This means the 
transition from cold to warm-based ice results in a smooth change in tb, and thus ice 
velocity. This generates patterns of ice flow whereby a slippier bed results in fast basal 
ice flow and higher erosion rates. This proportionality holds in the case of hard-bedded 
systems, but is less realistic where deformable sediment drives rapid flow and mechanical 
friction at the bed decreases. Our model is therefore most robust across East Antarctica, 
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and upland parts of West Antarctica where sediment-based ice stream processes are less 
dominant.  
 
1.6 Topographic and Climatic Boundary Conditions 
An immediate difficulty is the circularity involved in assuming an initial topography on 
the basis of the glacially modified topography of today – an issue faced by all modellers 
investigating previous ice-sheet behaviour. However, such an approach is justified in this 
case because many of the large-scale topographic features pre-date the Oligocene. For 
example, the Transantarctic Mountains were already incised to basement rocks by the 
Oligocene as evidenced by the presence of eroded granite in the CIROS-1 core (Barrett, 
1989; 1996). This landscape is typical of passive continental margin evolution where 
most uplift and incision occurs within tens of millions of years of plate separation which, 
in this case, occurred around 55 Myrs ago (Jamieson and Sugden, 2008). Moreover, the 
Gamburtsev subglacial mountains in central east Antarctica display local valley features 
preserved since the earliest stages of glaciation (Bo et al., 2009). On a wider scale, 
topographic analysis shows the structure of the drainage underneath the Antarctic Ice 
Sheet essentially retains a pre-glacial fluvial structure. This is supported by the presence 
of fluvial deposits in Prydz Bay, East Antarctica which show the Lambert graben was a 
significant drainage outlet in the Oligocene (Cooper et al., 2001).  
Therefore, although the relative relief and small- to intermediate-scale features of 
Antarctica may have been altered by glaciation, the large-scale structures pre-date 
glaciation and BEDMAP is therefore robust. The main uncertainties concern parts of 
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West Antarctica where erosion processes have significantly affected topography around 
sea level since 34 Ma (Wilson and Luyendyk, 2009). However, high elevation landscapes 
in West Antarctica remain similar between BEDMAP and Wilson and Luyendyk’s 
reconstruction, giving robust inception points for our study. In East Antarctica 
uncertainty is associated with rifted margin uplift since the Oligocene. Here the use of 
BEDMAP is justified because river valley spacing, which determines basal thermal 
regime and thus subsequent erosion of outlet glacier troughs will be largely unchanged 
since the Oligocene (Webb, 1994).  
Currently up to 0.5 m yr-1 of snow falls in coastal regions of Antarctica (Fig. 4). 
However, accumulation rates in the interior are minimal and little surface ablation occurs 
due to low mean annual air temperatures at sea level of ca. -15 °C (Anderson, 1999). 
Because the climate 34 Myrs ago was similar that of southern Patagonia today we use 
present-day Patagonian conditions to bracket the initiation of Antarctic ice growth in our 
model. The warmest mean annual air temperature that occurs in low latitude Patagonia is 
7 °C (McCulloch et al., 2000), and we use this as the 34 Ma mean annual air temperature 
at sea level. We apply a uniform vertical lapse rate of -9 °C km-1 to account for changing 
temperature over the land and ice surfaces.  
A continental pattern of precipitation is likely to have existed ever since Antarctica 
separated fully from Gondwana, regardless of the presence of ice. Therefore, we use this 
pattern to dictate the distribution of precipitation throughout our experiment. Mean 
annual precipitation near the margins of the present-day southern Patagonian ice fields is 
ca. 2 m yr-1 (McCulloch et al., 2000). We use this value to uniformly scale the present-
12 
day pattern of Antarctic accumulation, increasing it by four times at the coast to a 
maximum value of 2 m yr-1.  
In order to model scenarios of ice extent between glacial inception and a full-scale ice 
sheet, we start with a mean annual air temperature at sea level of 7 °C and mean annual 
precipitation of 2 m per year. During the experiment we reduce temperature in 1 °C steps 
every 50 kyrs until it reaches the present-day value of -15 °C. Precipitation is reduced 
linearly from 2 m per year to 0.5 m per year. This configuration allows ice sheets to reach 
equilibrium with climate at each stage. Finally, we let the final continental-scale ice-sheet 
reach full equilibrium with its climate for a further 50 kyrs.  
We model ablation using a positive degree day scheme (Reeh, 1991). This assumes melt 
at the ice surface is proportional to the number of days that air temperature (T) is above 
freezing. The number of positive degree days is therefore proportional to the energy 
available for melting. Melt (w) is calculated by: 
 
∫= year dtTw )0,max(α       (5.1) 
 
where α is the degree day factor describing the density and albedo of snow or ice. The 
melt calculation applies an annual sinusoidal cycle to air temperature to represent 
seasonality and is generated using mean annual temperature and a measure of its 
variability. Diurnal departures from the sinusoidal temperature regime are accounted for 
by assuming any variability has a normal distribution with a standard deviation of 5 °C. 
Finally, a firn model accounts for the fraction of melted snow that refreezes to become 
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superimposed ice. Profile X-Y shows the accumulation and ablation pattern generated by 
this scheme (Fig. 4). 
 
1.7 Sensitivity Testing 
To test the capability of the model to generate realistic ice-sheet geometries we use 
present-day climatic data to model the current Antarctic Ice Sheet and compare the output 
with the present-day ice surface (Fig. 5). The model over-estimates inland ice thicknesses 
by less than 500 m on average and a lack of ice-shelf model results in ice grounding 
further into the Ross Sea than is actually the case. Most importantly however, patterns of 
basal sliding generate streaming ice and zones of erosion that resemble those of the 
balance velocity map of Antarctica (Bamber et al., 2000; Huybrechts et al., 2000). The 
good match suggests the model is successful and thus can be usefully applied to past ice 
sheets of varying size. 
Model sensitivity to precipitation rates was also tested. As McCulloch et al. (2000) 
indicate, precipitation in localised parts of Patagonia reaches 3 m yr-1. Therefore a 
sensitivity experiment uses this higher figure of 3 m of precipitation at the first stage of 
ice-sheet growth and, as before, linearly reduced this amount to the present-day Antarctic 
maximum. Glacier extent and landscape evolution are essentially similar to our first 
model, though ice builds up more rapidly.  
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2 Experiments 
2.1 Glacier Extent and Erosion 
Modelling a full 34 Myrs of glacial behaviour in a dynamic way is not yet 
computationally feasible. It is therefore helpful to focus on six scenarios of ice extent and 
associated erosion rates in Antarctica (Fig. 6). These scenarios are chosen as being 
representative of an envelope of possible ice-sheet extents since the Oligocene (Fig. 1). 
They are not intended to relate precisely to rapid recorded changes in ice extent, but 
rather to a mix of scales that will allow the average basal conditions over each time 
period to be analysed. The error associated with this is difficult to determine precisely. 
For example, if the ice sheet fluctuated over Croll-Milankovitch timescales between 34 
and 14 Ma, there would be little advantage in analysing a single average ice extent 
scenario because it would not encompass the full range of possibilities. Therefore we use 
scenarios a-c (Fig. 1) in order to encompass the range of basal conditions that relate to 
this period. Thus, despite inherent error relating to spatio-temporal ice mass behaviour, 
our experiments will still capture key changes in the patterns of long-term, large-scale 
landscape evolution. 
Scenario A 
Under initial Patagonian conditions (Fig. 6a), glaciation is restricted to local ice caps over 
uplands in Dronning Maud Land, the Gamburtsev Mountains and in the Ross sector of 
the Transantarctic Mountains. Numerous smaller glaciers also grow across MacRobertson 
Land adjacent to the Lambert Graben region. Ice in West Antarctica is limited to local 
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mountain glaciers and ice caps in upland areas. In this scenario erosion occurs around the 
fringes of the ice masses, especially in the vicinity of the equilibrium line altitude (ELA) 
and below. The central core of the Gamburtsev Mountains is covered by cold-based ice.  
Scenario B 
Under cooler and drier conditions, regional-scale ice masses form over the Gamburtsev 
and Dronning Maud areas (Fig. 6b). The drop in temperature of ca. 4 °C produces ice 
masses up to ca. 3000 m thick as accumulation centres merge. The ice margin on the 
eastern fringe of the Gamburtsev region lies on the shore of present-day Lake Vostok. Ice 
remains restricted to the Transantarctic Mountains and to mountain massifs in West 
Antarctica. Zones of warm-based ice extend down into the lowlands of East Antarctica. 
and stream towards Enderby Land. Under the two larger ice masses, significant portions 
of the bed experience widespread but low rates of erosion. Cold-based ice covers 
significant areas of upland Dronning Maud Land and the Gamburtsev Mountains.  
Scenario C 
A further drop in temperature of 1.6 °C brings mean annual air temperatures at sea level 
close to zero. Most local and regional ice masses coalesce to form a single ice sheet but it 
is not connected to ice centres in the Transantarctic Mountains (Fig. 6c). It is likely that 
significant volumes of melt water flow to the ice-free area separating the two. The 
lowland landscape surrounding the Gamburtsev Mountains is covered by erosive warm-
based ice but the mountain core remains beneath cold-based ice. 
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Scenario D 
As the mean annual air temperature at sea level drops to ca. -4 °C, the East Antarctic Ice 
Sheet amalgamates with regional ice in the Transantarctic Mountains creating a 
continental-scale ice-sheet and massive ice discharge through the Transantarctic 
Mountains (Fig. 6d). The majority of the East Antarctic Ice Sheet margin discharges 
directly into the ocean, as does a secondary ice sheet in central Wilkes Land and most 
West Antarctic ice. Basal ice temperatures around the ice-sheet margin increase and 
individual troughs channel rapid ice flow. Zones of cold-based ice around the East 
Antarctic mountain cores expand.  
Scenario E 
With sea level temperatures at -6.6oC the full East Antarctic Ice Sheet expands and ice 
covers all land above sea level in West Antarctica (Fig 6e). Around the George V Coast 
and Wilkes Land ice extent is restricted due to the simplicity of our calving assumptions. 
Although the pattern of erosion changes little between scenarios D and E, it shows a key 
change in that erosion along the Antarctic Peninsula becomes selective as cold-based ice 
envelopes the high plateaus.  
Scenario F 
The establishment of a West Antarctic Ice Sheet similar to the present-day heralds the 
final full polar ice-sheet (Fig. 6f). This occurs when mean annual air temperature at sea 
level is lowered to ca. -12 °C. The glacial configuration remains the same as temperatures 
decline further to -15 °C, partly as a result of the lack of an ice-shelf model in our 
approach. Nonetheless, the model simulates the main changes in basal conditions that 
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would leave their mark upon the Antarctic landscape. Because ice thicknesses in East 
Antarctica increase under this scenario, a zone of warm-based ice between the 
Transantarctic Mountains and the Lambert region is established. Under a full West 
Antarctic Ice Sheet, gradients between zero and the maximum erosion rate of 0.2 mm yr-1 
are steep.  
 
2.2 Thermal Regime and Glacial Landscape Evolution 
Understanding the relationship between former ice masses and the landscape in the 
northern hemisphere helps link modelled basal thermal regime to a range of possible 
glacial landscapes (Fig. 3). Where the ice sheet flows across the upland rim of much of 
East Antarctica the basal thermal regime alternates between warm- and cold-based ice. 
Such conditions are likely to form a fjord landscape akin to that of the coasts of Labrador 
or East Greenland (Fig. 3c). Trough overdeepening occurs as warm-based ice is funnelled 
down existing valley systems whereas adjacent upland plateaus survive with little or no 
erosion under cold-based ice. Advection of heat flow in this situation reinforces the 
thermal and erosional contrast because heat is preferentially drawn from the uplands and 
into the thicker faster-flowing ice occupying the valleys. The relationship of erosion to 
ice flux means that overdeepening will be enhanced in areas of rapid flow and 
convergence, especially where ice flow directions remain stable. Where cold-based ice is 
extensive, larger upland plateau regions, such as those in the eastern Scottish Highlands, 
the mountainous axis of northern Scandinavia, or the Arctic Canadian archipelago, are 
protected from erosion (Fig. 3a). In contrast, where ice is warm-based, as is common in 
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lowlands, the landsurface will be subjected to areal scouring with wide regions becoming 
sculpted into a landscape of bedrock knobs and hollows (Fig 3b). The sliding velocity of 
the ice and its directional stability is important. The landscape will be smoothed and 
streamlined under fast and constant ice flow directions as for example in the ice stream 
hinterlands, but will become more complex if subjected to changes in ice direction during 
glacial cycles.  
In order to illustrate this latter point, Figure 7 shows the maximum change in basal ice 
flow directions between scenarios A-F. Approximately 50 % of the Antarctic bed has 
been subjected to warm-based ice experiencing minor changes in direction of basal flow, 
whether influenced by local, regional or continental ice. The implication is that in these 
areas, ice will have eroded smooth and linear landforms at the bed (Fig. 7a). Around 35 
% of the East Antarctic bed has seen changes in basal flow direction of between 10° and 
45° (Fig. 7b), with the remainder changing by more than 45°. Under these latter 
conditions, scoured topography is likely to be irregular, displaying a superimposed 
patchwork of erosional features reflecting ice flow in different directions. Contrasts 
between constant and varying basal flow directions are strongest in Dronning Maud Land 
and the Transantarctic Mountains. Here, the inland flanks of upland areas will have 
landforms reflecting regional flow inland overprinted by continental ice-sheet flow in the 
opposite direction. Their coastal regions are characterised by troughs resulting from 
directionally constant linear incision beneath both local and continental ice. Such a 
scenario mirrors that of the Scandinavian Peninsula. The Swedish ribbon lakes bear 
evidence of flow from a regional ice-sheet centred on the Scandinavian upland axis which 
has subsequently been overprinted by continental ice flowing in the opposite direction 
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from the Baltic basin. The Norwegian flank has constant westward ice flow under both 
regional and continental ice-sheets (Kleman et al., 2007).  
 
2.3 Linking Patterns of Erosion to Antarctic Chronology 
A clearer understanding of the landscape evolution experienced over 34 Myrs can be 
gained by linking the chronology of changes in past climate to our 6 model scenarios. By 
doing this, we can make end-member calculations of the volume of erosion, and can 
identify the lengths of time over which warm-based and cold-based ice might have been 
present in a location.  
To achieve this we calculate how long each scenario of ice-sheet extent might have 
existed according to geological evidence (Table 1; Fig.1). We then integrate erosion 
patterns under each of the 6 scenarios accounting for the average time spent at or between 
each scenario. Because of uncertainties about the lithological susceptibility of the 
Antarctic bed to glacial erosion, the model output is scaled to assume a maximum erosion 
rate and then time-integrated to calculate the amount of material removed. There are 3 
separate integrations scaling modelled erosion to 0.1 mm yr-1, 0.2 mm yr-1 or 0.5 mm yr-1. 
The highest rate is based on Rocchi et al’s (2006) calculation from Dorrel Rock of 3000 
m in the 6 Myrs from 34-28 Ma, an upper limit of erosion likely to occur over extended 
periods of time on bedrock surfaces under a warm-based glacial regime.  
The pattern of erosion is the same in each integration (Fig 8a), but the magnitude of 
excavation differs. Using the intermediate value for maximum erosion rate (0.2 mm yr-1), 
up to ca. 2800 m of excavation can be achieved if topographic focussing of erosion is 
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particularly strong, but this is rare. Much of the interior land surface has been subject to 
less than 200 m of erosion. This is in-line with rates across northern hemisphere shields 
where tens of meters of material was eroded during the Quaternary (Kleman et al., 2007). 
Excavation near the coast increases as expected given a) the long-term existence (>12-14 
Myrs) of the continental scale ice mass and an ELA close to the coast, b) the larger 
volumes of ice that are discharged under continental ice conditions, and c) isostatic 
feedback whereby rock uplift compensates for, and thus partially replenishes, material for 
erosion (Jamieson et al., 2008; Kerr, 1993). 
Sensitivity tests show that by varying the maximum erosion rates used in the integrations 
to between 0.5 mm yr-1  and 0.1 mm yr-1, the greatest depths of excavation range from ca. 
7000 m to ca. 1400 m respectively. The former is unlikely because there are no present-
day troughs that approach this depth and because volumes of material sequestered 
offshore are less than required. For each of the three maximum erosion rates tested, 
overall volumes of sediment removed would be: 0.5 x 106 km3, 1.004 x 106 km3 and 2.51 
x 106 km3 respectively. These convert to spatially averaged erosion rates (including areas 
of cold-based ice) of 0.0011, 0.0022 and 0.0055 mm yr-1. The lower two of these 
calculations compares quite well with estimates of glacigenic sediment volume from 
Prydz Bay where it is estimated that over the past 12-14 Myrs, average erosion rates were 
between 0.001-0.002 mm yr-1 (Cooper et al., 2001; Cooper et al., 1991; Jamieson et al., 
2005; O'Brien et al., 2001; Stagg, 1985). Therefore, the intermediate integration, which 
corresponds to a maximum erosion rate of 0.2 mm yr-1, may be a reasonable first 
estimate.  
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It is possible that a large ice sheet grew as cooling occurred at the Eocene-Oligocene 
transition (Barrett, 1989). We did not include this in our analysis, but if correct, our 
erosion estimates would need to be increased by up to ca. 200 m in the peripheral troughs 
if the expanded ice existed, as is suggested, for a further 0.4 Myrs before decreasing in 
scale (Zachos and Kump, 2005). Over inland Antarctica however, this figure would be 
significantly smaller (low tens of metres).  If full ice sheets persisted for longer than the 
timescales employed in our analysis, then the implication is that our erosion estimates are 
a minimum. 
Further analysis makes it possible to distinguish between different modes of basal process 
(selective, areal, protective). This is important because the stability of these processes, 
particularly under conditions of areal scour, will control the roughness of the landscape. 
The distinction between selective erosion and areal scour is driven largely by local relief 
in that selective erosion is focussed in pre-existing valleys and cold-based ice covers 
adjacent uplands. We assume selective erosion occurs where erosion rates are in the top 
60% of the modelled range. Areal scour is assumed in the lower 40% of the range. 
Protection is defined where erosion rate is zero at any time step. This classification is 
sensitive to the ratio but by using a 60/40 split, maximum erosion correlates strongly with 
large troughs where we know erosion is typically selective. Our assessments are then 
time-integrated to reflect the duration of each mode of erosion. 
Figure 8b shows selective erosion occurs for at least 12 Myrs where flow is stable. Indeed 
a few localities, such as the Queen Maud Mountains, the Lambert Graben feeder glaciers 
and Princess Ragnhild Coast, experienced selective erosion for 20-34 Myrs. Figure 8c 
indicates areal scour has been widespread, and is often established for over 20 Myrs. In 
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particular, our model suggests that parts of Queen Maud Land have been undergoing 
scouring since the Oligocene. Conversely, a number of areas of the East Antarctic bed 
may have been subject to little or no erosion since the Oligocene (Fig. 8d). The pre-
glacial landscapes of the Gamburtsev Mountains, large sections of Dronning Maud Land 
and parts of the inner Transantarctic Mountains are expected to have experienced long 
periods when they were preserved beneath cold-based ice.  
Figure 9 links the evolution of modelled basal thermal regime (Fig. 8b-d) and basal ice 
flow direction (Fig. 7) to predict the geomorphological nature of the present-day 
subglacial landscape. The key features of this map are that: 1) the inner mountain cores 
are preserved, probably as an alpine landscape; 2) the innermost flanks of the uplifted 
margins of East Antarctica have been subject to changing ice flow direction and are thus 
likely to be less well streamlined; 3) the majority of the bed of the West Antarctic Ice 
Sheet has been modified by ice flowing in a constant direction, producing streamlined 
bedrock features in the ice stream hinterlands; 4) portions of the lowland interior between 
the Gamburtsev Mountains and the coastal ranges are subject to large-scale changes in ice 
flow direction, generating irregular bedrock landscapes; 5) upland areas, especially near 
the coast, are landscapes of selective linear erosion.  
 
3 Discussion 
Erosion by local glaciers is generated by our model in a number of areas prior to being 
protected under cold-based ice. Our results are supported by a recent remote sensing 
study of the Gamburtsev Mountains showing features typical of local mountain glaciation 
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under warm-based glacial conditions, creating U-shaped valleys, overdeepenings and 
corries (Bo et al., 2009). The Gamburtsevs have since experienced little or no erosion due 
to the presence of cold-based ice for at least 34 Myrs. In Dronning-Maud Land cirques 
and U-shaped valleys have been preserved for at least 2.5 Myrs (Holmlund and Näslund, 
1994), and our model suggests that their age could be much older. Our results are also 
consistent with the survival of an alpine landscape with a tillite deposited by local warm-
based ice around the Ricker Hills in the Victoria Land sector of the Transantarctic 
Mountains (Baroni et al., 2008). Furthermore, if local or regional-scale ice sheets existed 
prior to 34 Ma (Matthews and Poore, 1980; Miller et al., 2005), the age of some 
landscapes surviving under long-lived cold-based ice could be significantly older than 34 
Myrs. 
Our model, and field evidence from the Prince Charles Mountains (Hambrey et al., 2007) 
indicates that selective erosion under continental scale ice has exaggerated relief along 
pre-glacial fluvial systems, causing overdeepening in valleys whilst preserving adjacent 
upland surfaces. Sediments that make up the Late-Miocene Pagodroma Group have 
survived on uplands relatively untouched by glaciation at the same time as erosion 
occurred in the neighbouring Lambert trough and its tributaries.  
A similar juxtaposition of preservational and erosional landforms has been found from 
field observations in the Transantarctic Mountains, Marie Byrd Land, around the rim of 
Dronning Maud Land and along the Antarctic Peninsula (Baroni et al., 2005; Naslund, 
2001; Sugden and Denton, 2004; Sugden et al., 2005). The large-scale form of the pre-
glacial landscape therefore remains preserved, although in areas of selective flow the 
amplitude of this landscape may be enhanced through both erosion and adjacent uplift 
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(Jamieson et al., 2008; Stern et al., 2005). Formerly glaciated parts of the northern 
hemisphere conform to this pattern (Goodfellow et al., 2007; Kleman et al., 2007; 
Sugden, 1978).  Such landscapes reflect a stability that is promoted by thermal feedback 
driven by streaming of ice through narrow topographic features (Jamieson et al., 2008). 
This causes heat to be drawn towards troughs, and the steep, confining topography means 
that the thermal gradient is sharp and that heat cannot escape from the fast-flowing ice. 
Thus areas laterally adjacent to regions of selective flow can remain relatively cold, 
enabling plateaus to be protected whilst reinforcing the contrast in ice temperature. 
Therefore if ice is now flowing and eroding selectively, it is likely to have done so under 
previous eposides of glaciation.  
In contrast, smoother areas of the landscape tend to experience areal scouring. 
Confirmation that landscapes of areal scouring are likely to be widespread in Antarctica 
is provided in regions previously covered by ice during expanded glaciation at 14 Ma. 
Warm-based ice existed across the continental shelf where scoured surfaces dip towards 
the land (Anderson, 1991; Anderson and Bartek, 1992) and in parts of the inner shelf of 
the Antarctic Peninsula where sediment cover has been removed (Anderson, 1999). 
Moreover, Denton and Sugden (2005) describe such scoured landscapes extending from 
sea level to 2100 m in elevation at the front of the Transantarctic Mountains in the Ross 
Sea sector that are associated with areal scouring under more expansive ice conditions.  
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4 Conclusions 
This paper tests a new basis for interpreting the bedrock landscape underneath the 
Antarctic Ice Sheet following its evolution under local, regional and continental scales of 
glaciation over the last 34 Myrs. By comparing modelled erosion patterns to geological 
data from Antarctica and using constraints established in the northern hemisphere we 
argue that the geometry of both the ice mass and the pre-glacial landscape influence 
processes of glacial erosion in a predictable way (Fig. 9). The main outcomes of this 
work are: 
• Our simple model approach provides an insight into changing ice-sheet extent, 
basal thermal regimes, and glacial landscape evolution in Antarctica. Between 34 
– 14 Ma there are cyclic fluctuations between local, regional and continental ice-
sheet extent that have been superimposed upon a progressive cooling of climate. 
Maximum ice-sheet extent is reached at 14-13.6 Ma. Since 13.6 Ma the ice sheet 
has been similar in scale to that of the present-day. 
• A wave of erosion (largely areal scour in the vicinity of the ELA) sweeps across 
the continent with every ice-sheet expansion. At the uplifted and dissected 
topography near the coast, focussed flow and selective erosion develops, 
overdeepening the radial pre-existing fluvial valley systems.  
• Upland glacial inception points in central Antarctica and Dronning Maud Land 
were initially eroded by local glaciers. These early landscapes have survived 
under cold-based ice and may date to before the Early Oligocene.  
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• Since the Oligocene, much of the Antarctic interior probably experienced less 
than 200 m of erosion, while some coastal troughs were excavated by up to 2800 
m. Low erosion rates over much of the continental interior are consistent with 
estimates of erosion beneath northern hemisphere ice sheets.  
• The relative stability of erosion patterns under warm-based ice allows bed 
roughness to be anticipated. Where ice flow directions remain constant the 
landscape is likely to be streamlined. Where ice flow direction has changed the 
landscape will be an irregular palimpsest of superimposed morphologies.  
• The model of erosion provides the basis for calculating sediment transport routes 
and lithological provenance. This study sets the scene for a future source-to-sink 
assessment of landscape evolution and will help extend a recent reconstruction of 
the Oligocene landscape of West Antarctica (Wilson and Luyendyk, 2009) to the 
whole of the continent. 
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Figures and Tables: 
 
Figure 1: Global deep-sea oxygen isotope curve indicating glacial intensity over the 
various stages of Antarctic glaciation.  The record is smoothed using a Gaussian function 
and therefore shows shifts on million year timescales. From Miller et al., (1987; 2005). 
Labels e-f  (bounded by dashed lines representing timing of known glacial extent 
changes) correspond to schematics a-f which show the range of ice mass extents (black) 
which are used to understand average basal conditions potentially associated with each 
time period. White areas show parts of the landscape that may be modified by glacial 
erosion, and that we therefore investigate in the course of this paper. The dashed line 
surrounding scenario f illustrates maximum ice sheet extension to the continental shelf 
edge (e.g. 14 Ma), and is not modelled here. 
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Figure 2: Present-day subglacial landscape, ice surface elevation (500 m contour 
intervals). Data from BEDMAP (Lythe et al., 2001). 
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Figure 3: Glacial landforms resulting from distinctive basal thermal regimes. Formerly 
glaciated landscapes in the northern hemisphere provide insight into the likely landforms 
at the bed of the present day Antarctic Ice Sheet: (A) The summit plateau of Ben Avon in 
the Cairngorm Mountains, Scotland. The plateau and its granite tors survived beneath 
cold-based ice during the Pleistocene glaciations of Scotland (Phillips et al., 2006); (B) A 
landscape of areal scouring at the foot of Suilven in the NW Highlands of Scotland 
(courtesy British Geological Survey, ref: P000958). The scouring is the result of erosion 
beneath warm-based ice (Gordon, 1981); (C) Selective trough incision by outlet glaciers 
with adjacent cold-based ice on the adjacent plateaus, Blosseville Coast, East Greenland 
(courtesy Geodetic Institute, Denmark). 
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Figure 4: Present-day accumulation in Antarctica. Profiles X-Y show mass balance for 
present-day (black) and under a warmer Patagonian style climate (grey). Under a 
Patagonian regime, there are zones of increased accumulation at high altitudes and high 
ablation rates in the continental lowlands. After Vaughan (1999) and Jamieson and 
Sugden (2008). 
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Figure 5: Comparison between modelled and present-day ice-sheets, showing present-day 
ice surface (grey contours), modelled present-day ice surface (black contours) and 
modelled zones of erosion based on basal sliding conditions. Contours are at 500 m 
intervals. Areas with no colour indicate cold-based ice at the present-day.  
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Figure 6: Modelled erosion rates at six stages of ice-sheet evolution. The corresponding 
mean annual air temperatures at sea level from A-F are: 6.5 °C, 2.4 °C, 0.8 °C, -3.9 °C, -
6.6 °C and -15 °C. The light greyscale shading shows land surface above sea level, dark 
shading indicates cold-based ice and blue represents sea level.  
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Figure 7: Maximum changes in modelled basal ice flow direction calculated using the 
snapshots of glacial extent (Fig. 6). Basal flow direction changes by: (A) less than 10 
degrees; (B) 10-45 degrees; (C) 45-90 degrees and (D) 90-180 degrees. 
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Figure 8: Time-integrated analysis of modelled total erosion and the duration of particular 
erosion regimes across Antarctica. (A) Total depths of erosion based on integration of 
erosion rates through time. The maximum value of ca. 2800 m relates to a modelled 
maximum average erosion rate of 0.2 mm yr-1. Maps also indicate the length of time parts 
of Antarctica experienced: (B) selective erosion; (C) areal scouring; (D) cold-based ice. 
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Figure 9: Map of the geomorphological nature of the contemporary subglacial landscape 
of Antarctica predicted by modelling. The map is generalised for clarity by using a 
moving window approach that assumes any cells inside a 60 km search radius from each 
location are the same as the majority of cells within that radius. 
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Time Details Ice-sheet Scale 
34-14 Ma Ice-sheets oscillate on similar scales to northern hemisphere 
Pleistocene ice-sheets (Naish et al., 2001; Pekar and DeConto, 
2006). This is analogous to fluctuations between growth scales 1-3 
in our model and we classify this by assigning 6.66 Myrs of time to 
each of these three states (a total of 20 Myrs). 
(Fig. 6a-c) 
14-13.6 Ma Step cooling drives ice expansion to its maximum offshore extent 
creating a continental polar ice-sheet (Anderson, 1999; Denton et al., 
1993; Holbourn et al., 2005; Marchant et al., 1996). We assign 0.2 
Myrs to each model step. 
(Fig. 6d-f) 
13.6-0 Ma East Antarctic Ice Sheet and West Antarctic Ice Sheet are confined 
to the continent with relatively minor fluctuations driven by sea-
level change (Denton and Hughes, 1986; Denton et al., 1993; 
Marchant et al., 1996). This 13.6 Myrs of Antarctic glacial history is 
captured in our model by the final step. 
(Fig. 6e-f) 
Table 1: Division of time applied to each scale of modelled ice-sheet in order to calculate 
the nature of erosion across Antarctica since the Oligocene (section 2.3). 
 
